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Understanding the interplay of climatic and biological events in deep time requires resolving the precise timing
and pattern of paleotemperature changes and their temporal relationship with carbon cycle variations and
biodiversity fluctuations. In situ oxygen isotope analyses of conodont apatite from South China enables us to
reconstruct high-resolution seawater temperature records across the Permian–Triassic boundary (PTB) intervals
in the upper slope (Meishan), lower slope (Shangsi), and carbonate platform (Daijiagou and Liangfengya)
settings. Constrained by the latest high-precision geochronological dates and high-resolution conodont biozones,
we can establish the temporal and spatial patterns of seawater temperature changes and assess their potential
connectionswith the carbon cycle disruption and biodiversity decline.We find a rapidwarming of ~10 °C during
the latest Permian–earliest Triassic that postdated the onset of the negative shift in δ13Ccarb by ~81 kyr (thousand
years), the abrupt decline in δ13Ccarb by ~32 kyr and the onset of mass extinction by ~23 kyr, which contradicts
previous claims that the extreme temperature rise started immediately before or coincided with the onset of
mass extinction. Our new evidence indicates that climate warming was most likely not a direct cause for the
main pulse of the end-Permianmass extinction (EPME), but rather a later participant or a catalyst that increased
the pace of the biodiversity decline. In addition, a prominent cooling is recorded in the earliest Changhsingian,
with the main phase (a drop of ~8 °C in ~0.2 Ma) confined to the lower part of the Clarkina wangi zone and syn-
chronouswith the positive limb of the carbon isotope excursion (CIE) around theWuchiapingian–Changhsingian
boundary (WCB) inMeishan and Shangsi. Further long-term and high-resolution studies from other sections are
needed to confirm the full contexts and underlying dynamics of the WCB “cooling event”.

© 2015 Elsevier B.V. All rights reserved.
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1. Introduction

Τhe catastrophic EPME has long been recognized as the most severe
crisis during the Phanerozoic, andmarked a fundamental shift in Earth's
ecological structure (Raup and Sepkoski, 1982). Numerous hypotheses
have been proposed as the cause(s) of this cataclysm, including bolide
impact, ocean anoxia, and flood basalt volcanism (Knoll et al., 2007;
Payne and Clapham, 2012). Severe environmental perturbations related
tope Geochemistry, Guangzhou
s, 511 Kehua Street, Wushan,
20 85290030.
to the Siberian Traps volcanism have been considered by many as one
of the most plausible scenarios for the killing mechanism (Campbell
et al., 1992; Renne et al., 1995; Kamo et al., 2003; Svensen et al., 2009;
Black et al., 2012). This “favored” hypothesis has received strong
support from recent high-precision geochronological dates from the
Meishan stratotype section (Burgess et al., 2014) and the Siberian
Traps (Burgess and Bowring, 2015). A new age model (Burgess and
Bowring, 2015) of the Siberian Traps volcanism (explosive, effusive,
and intrusive) demonstrated that pyroclastic and lava eruptions
predated the onset of the EPME by 300 ± 126 kyr, supporting a causal
connection. Furthermore, two-thirds of an estimated 4 × 106 km3 of
magma were emplaced/erupted over this ~300-kyr interval, before
and during the mass extinction interval. The bulk of intrusive activity
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beganwithin themass extinction interval (within 61± 48 kyr; Burgess
et al., 2014) and continued for at least 500 kyr after the cessation of
mass extinction.

Although the temporal overlap between the Siberian Traps volca-
nism and the EPME links the two events, many questions remain unre-
solved about the nature of the connection. For example, which pulse of
the Siberian Traps volcanism is responsible for the EPME? What is the
underlying dynamic behind such disparity between the volcanism and
biotic crisis? Resolving such questions requires establishing a precise
timeline between the environmental deterioration and biodiversity
decline, since most large igneous province eruptions (Wignall, 2001;
Bond and Wignall, 2014) are expected to impact the Earth's climate
via carbon cycle disruption, short-term cooling followed by long-term
warming, and ocean acidification. The negative shift of δ18O in whole
rock carbonates from the Carnic Alps of Austria initially suggested
climatewarmingof ~5–6 °C around the PTB, although the possible influ-
ences from salinity and/or diagenesis cannot be excluded (Holser et al.,
1989), which makes such whole rock δ18O record unreliable. Conodont
apatite is preferred to whole rock carbonates and brachiopod calcites
due to its resistance to diagenesis (Luz et al., 1984; Wenzel et al.,
2000). Thus the δ18O signature of conodonts is widely regarded as an
applicable proxy for reconstruction of seawater temperatures in the
Paleozoic and Triassic (Trotter et al., 2008, 2015; Joachimski et al.,
2012; Sun et al., 2012; Romano et al., 2013). Using this methodology,
climate change around the EPME was demonstrated on the basis of
δ18O data derived from conodont apatite in South China and Iran.
These results indicated that the major seawater temperature increase
started immediately before (Joachimski et al., 2012) or at the mass
extinction horizon (Schobben et al., 2014) and suggested climate
warming as one of the causes of the EPME.

Owing to the absence of oxygen isotope data from Bed 25 in
Meishan, the base of which corresponding to the onset of the EMPE
(Jin et al., 2000; Shen et al., 2011; Wang et al., 2014), it was ambiguous
whether the increase of temperatures predates, coincides with, or post-
dates the onset of mass extinction. Also, available δ18O data across the
EPME (Joachimski et al., 2012; Schobben et al., 2014) were all derived
from the conventional isotope ratiomass spectrometry (IRMS)method,
which requires large sample size (N0.5 mg, or 10–50 specimens
depending on the size/weight of individuals) and analyzes on “bulk”
materials. Since conodonts near the PTB are mostly small in size and
of low abundance, particularly within the EPME interval and above,
low-yielding conodont samples were excluded from the IRMS analyses,
thus reducing the much needed temporal resolution.

Understanding the interplay between climatic and biological events
around the EPME requires resolving the precise timing and pattern of
paleotemperature changes and their temporal relationship with carbon
cycle variations and biodiversity fluctuations, which is the aim of
this contribution, undertaken through the combination of analytical
method, materials selection, and updated temporal framework:

(1) In situ SIMSmethod.Weovercome the limitation of conventional
IRMS analyses (i.e., sample size) by measuring oxygen isotope
compositions of individual conodont elements using the in situ
secondary ion mass spectrometry (SIMS) method. To eliminate
as many diagenetic and preservation artifacts as possibly we
followed strict analytical procedures (see Supplementarymateri-
al for details) and applied with considerable caution on the δ18O
variability (Wheeley et al., 2012; Zigaite andWhitehouse, 2014).
This technique has been proven to have considerable potential
for reconstructing paleoclimate and paleoceanography (Trotter
et al., 2008, 2015; Rigo et al., 2012; Wheeley et al., 2012), and
can significantly increase the spatial and temporal resolutions
based on samples with low-yielding conodont elements.

(2) Multiple stratigraphic sections. To resolve the temporal and
spatial pattern of paleotemperature changes across the EPME in-
terval, we generated high-resolution in situ oxygen isotope data
from four sections in South China (Meishan, Shangsi, Daijiagou
and Liangfengya). We selected the condensed Meishan and
Shangsi sections, since extensive studies from both sections
have produced integrated, high-resolution geochronological
dates (Shen et al., 2011; Burgess et al., 2014), carbon isotopes
(Shen et al., 2013), and conodont biostratigraphy (Shen et al.,
2013; Yuan et al., 2014). Published IRMS data from both sections
(Joachimski et al., 2012; Chen et al., 2013) were also available for
comparison with our new SIMS records. Samples from the well-
studied Daijiagou (Yuan et al., 2015) and Liangfengya (Yuan and
Shen, 2011) sections were also analyzed; both sections were
deposited on a shallow carbonate platform during the Permian–
Triassic transition, in contrast to Meishan (upper slope) and
Shangsi (lower slope) and thus can be used for spatial compari-
son.

(3) Uniform temporal framework. To constrain the timing and rate of
paleotemperature changes, the stratigraphic depth of all samples
are adjusted to a uniform timescale, mainly based on the latest
U–Pb ages (Shen et al., 2011; Burgess et al., 2014) and conodont
zones (Yuan et al., 2014) from Meishan to correlate with other
sections. This results in a high-resolution, time dependent record
for the latest Permian–earliest Triassic interval.

2. Studied sections and materials

Conodont samples used in this study were collected from four sec-
tions in South China (Fig. 1), which were located at a paleolatitude of
~25 N° on the Yangtze carbonate platform and its northern marginal
basin in the eastern Palaeotethys Ocean during the Late Permian–Early
Triassic (Stampfli and Borel, 2004). Sequence stratigraphy and facies
analysis (Shen and He, 1991; Shen and Shi, 1995; Wignall and Hallam,
1996; Yin et al., 2001; Song et al., 2013) indicated that the studied
sections were deposited in different environmental settings around
the PTB, including the upper slope (Meishan), lower slope (Shangsi),
and carbonate platform (Daijiagou and Liangfengya). Details on studied
sections (Fig. 2) and materials can be found in the Supplementary
material.

3. Biostratigraphic correlation and temporal framework

High-resolution Late Permian–Early Triassic conodont biostratigra-
phy (Shen and Mei, 2010; Shen et al., 2010), lithostratigraphy (Cao
and Zheng, 2007; Yin et al., 2014), and δ13Ccarb chemostratigraphy
(Shen et al., 2013) allowed us to correlate the sections with the newly
revised conodont-based integrated records from the Meishan
stratotype section (Yuan et al., 2014) serving as the standard. After
thorough evaluation, the published conodont zones from Shangsi
(Jiang et al., 2011; Shen et al., 2011, 2013), Daijiagou (Yuan et al.,
2015), and Liangfengya (Yuan and Shen, 2011) were directly applied
or accordingly modified as biostratigraphic constraints for intra-
regional correlations (Supplementary Tables S1–4).

Several baselines for correlation were first established: (1) The PTB
is at 42.11 m in Meishan, 100.4 m in Shangsi, 0.58 m in Daijiagou, and
0 m in Liangfengya, defined by the first appearances of Hindeodus
parvus, except for Shangsi where the first occurrence of H. parvus was
proven to be younger than many other occurrences including the FAD
(First Appearance Datum) (Nicoll et al., 2002; Henderson, 2006; Jiang
et al., 2011). Hindeodus eurypyge was regarded as an alternative index
for our definition of the PTB in Shangsi (Shen et al., 2011, 2013), that
is at the same level as in the restudy of Jiang et al. (2011) where the
first occurrences of Clarkina taylorae and Hindeodus changxingensis de-
fined the PTB. (2) The onset of the EPME is defined at the base of Bed
25 (41.93 m) at Meishan (Jin et al., 2000; Shen et al., 2011; Wang
et al., 2014), corresponding to the base of Bed 27 (100.1 m) at Shangsi
(Shen et al., 2011, 2013), the base of “boundary clay” (0m) at Daijiagou
(Shen and Shi, 1995), and the base of Bed 29 (−0.51m) at Liangfengya



Fig. 1. (A) Paleogeographic reconstruction for the Late Permian (Stampfli and Borel, 2004) and (B) localitymap (Shen et al., 2013) showing the positions of studied sections in South China.
1. Meishan; 2. Shangsi; 3. Daijiagou; 4. Liangfengya.
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(Yuan and Shen, 2011). (3) The WCB is at 0.88 m (base of Bed 4a-2) in
the Meishan stratotype section (Jin et al., 2006) and 84.0 m in Shangsi
(Shen et al., 2011, 2013), both of which were defined by the first ap-
pearances of Clarkina wangi. The exact position of theWCB in Daijiagou
is unclear since only sparse conodonts have been recovered from this
interval (Yuan et al., 2015). The WCB in Liangfengya is also difficult to
determine, although early study at the nearby Beifengjing section
(Shen and Shi, 2002) suggested that the base of the Changhsingian is
likely ca. 91.5 m below the PTB.

In addition to the conodont zones assigned to each sample, numeric
age estimateswere also allocated on the basis of sediment accumulation
rate calculations for specific intervals in each section (see details in Sup-
plementary Tables S1–4). In the extensively studied Meishan section,
theWCB, the onset of the EPME, and the PTBwere constrained by recent
Fig. 2. Field photos showing the PTB intervals at Meishan (A), Shangsi (B), Daijiagou (C), and L
marked as red and green lines, respectively.
high-precision geochronology as 254.14 ± 0.07 Ma (Shen et al., 2011),
251.941 ± 0.037 Ma (Burgess et al., 2014), and 251.902 ± 0.024 Ma
(Burgess et al., 2014), respectively. Along with ages from other dated
ash beds (Shen et al., 2011; Burgess et al., 2014), a high-resolution
temporal framework can be established for the WCB-PTB interval in
Meishan.

Twelve ash beds from Shangsi have been dated previously; eight of
them produced reliable ages which were in agreement with results
from the Meishan section at the time they were published (Shen et al.,
2011). Subsequent improvements in U–Pb geochronology yielded
more precise and accurate ages in Meishan (Burgess et al., 2014), but
such updates are currently unavailable for the Shangsi section. For the
convenience of high-precision correlation in a uniform temporal frame-
work, we only use updated ages from Meishan (PTB, mass extinction,
iangfengya (D), with the onset of the end-Permian mass extinction and the P–T boundary
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and WCB) to calibrate our samples from Shangsi, Daijiagou, and
Liangfengya (Supplementary Tables S1–4).
4. In situ SIMS method

Using in situ SIMS technique tomeasure the oxygen isotope compo-
sition of conodont apatite (Trotter et al., 2008, 2015; Rigo et al., 2012;
Wheeley et al., 2012), foraminiferal calcite (Kozdon et al., 2009, 2011),
and other faunal materials (Aubert et al., 2012; Blumenthal et al.,
2014; Zigaite and Whitehouse, 2014) have been well developed in
recent years, with similar analytical procedures among different labora-
tories. At the CA-SIMS laboratory in the Institute of Geology and Geo-
physics, Chinese Academy of Sciences, we used a Cameca IMS-1280
SIMS, generally following the methodology developed in the SHRIMP
laboratory of the Australian National University (Trotter et al., 2008,
Fig. 3.Compiled δ18Oapatite record (includingnew in situ SIMSdata in this study, andpublished IR
Burgess et al., 2014), and raw taxon richness curve (generated by Y. Wang using CONOP) fro
conodont biozones (see details in Supplementary Tables S1) (Yuan et al., 2014), and U–Pb a
represents the prominent increase of δ18Oapatite (cooling) in the lower part of the C. wangi zon
extinction horizon; and the span in between is regarded as the long-term fluctuations interval
2015). Detailed analytical procedures and protocols are presented in
the Supplementary material.

5. Results

Rather than focusing on the mass extinction interval alone, our in
situ δ18Oapatite records extend to the latest Wuchiapingian (top of the
Clarkina longicuspidata zone) in Meishan (Figs. 3, 4) and the earliest
Changhsingian (base of the C. wangi zone) in Shangsi (Fig. 5), thus plac-
ing the PTB eventswithin a long-term context. δ18Oapatite data across the
WCB in Meishan (Fig. 3) show a prominent increase (~2‰), which
began immediately above theWCB (MSD 4a-3, 1.07 m, 19.2‰), and ex-
tended into the lower part of the C. wangi zone (MSD 4b-11, 2.59 m,
21.0‰). Although not as in high-resolution as in Meishan, data from
the earliest Changhsingian in Shangsi suggest a similar pattern, which
started at 20.3‰ (SHS-283.4, 84.57 m, base of the C. wangi zone) and
MSdata from Joachimski et al., 2012; Chen et al., 2013), δ13Ccarbon record (Shen et al., 2013;
m the Meishan stratotype section, all scaled to the thickness of strata. Lithology, revised
ges for dated ash beds (Shen et al., 2011; Burgess et al., 2014) are provided. Cyan band
e; light yellow band indicates the rapid decrease of δ18Oapatite (warming) above the mass
.



Fig. 4.Close-upof in situ δ18Oapatite and δ13Ccarbon records across the latest Permian–earliest Triassic interval atMeishan,with insert of high-resolution in situ δ18Oapatite data prior to, during,
and after the EPME. Lithology, number and thickness of each bed, and conodont zones are presented. Note that immediately before the EPME (i.e., Bed 24e–f) and at the mass extinction
horizon (i.e., Bed 25), δ18Oapatite values remain high as ~21‰, which clearly indicates no elevation in seawater temperatures at the onset of the EPME.
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ended at 20.6‰ (SHS-285.0, 86.13 m, lower part of the C. wangi zone)
(Fig. 5). Without sufficient data below the WCB in both Meishan
and Shangsi to constrain the “real” initiation of this positive shift in
δ18Oapatite, we tentatively suggest that the increasing phase is confined
in the C. wangi zone.

Above the increasing phase in the C. wangi zone and below the base
of the Clarkina yini zone, δ18Oapatite values from both Meishan and
Shangsi (Figs. 3, 5) are comparable andfluctuate around ~21‰. Detailed
evaluation of δ18Oapatite data from this interval inMeishan shows several
shifts, such as the decrease from 22.5‰ (MSD 19-17, 33.69m) to 20.5‰
(MSD 20-2a–2b, 35.55 m), followed by an immediate return to 22.1‰
(MSD 22-10-base, 39.00 m), both of which occurred at the top of the
Clarkina changxingensis zone. Due to different sampling intensities,
such shifts in the better resolved Meishan section cannot be confirmed
in Shangsi, Daijiagou, and Liangfengya (Figs. 5–7).

High-resolution data above the base of the C. yini zone from all four
studied sections (Figs. 4–7) enabled us to correlate and compare the
pattern andmagnitude of δ18Oapatite changes in different environmental
settings. (1) The general trends are nearly identical among four
sections: prior to the onset of the EPME, δ18Oapatite values are high
(20.5–21.5‰ in Meishan, 20.0–21.0‰ in Shangsi, 19.0–20.0‰ in
Daijiagou, and 18.5–19.5‰ in Liangfengya); a dramatic negative shift
occurred above the extinction horizon, with comparable magnitude of
2.5–3.0‰ across the four sections. Close observations indicate that a
mild decrease occurs in the C. yini zone and is followed by a return to
the pre-shift level at the mass extinction horizon. As for the minimum
of δ18Oapatite value, it appears in the middle-to-top of the C. yini zone
at Meishan and Shangsi but near the very top at Daijiagou and
Liangfengya. (2) Data across the mass extinction horizon from all sec-
tions suggests that the prominent decrease of δ18Oapatite values occurred
after the onset of the EPME. Using high-resolution data from the well-
constrained Meishan section as an example (Fig. 4), δ18Oapatite values
remain as high as 21.0‰ throughout Beds 24e to 25 (on Clarkina),
decrease to 20.1‰ in Bed 26 (on Clarkina), dramatically drop to 19.4‰
(on Clarkina) or 18.6‰ (on Hindeodus) in Bed 27-1, and reach the first
low of 17.9‰ in Bed 28 (on Hindeodus) and the second low of 17.6‰
in Bed 30-5 (on ramiforms). Given the potential offset between Clarkina
andHindeodus (Joachimski et al., 2012; Chen et al., 2013), a conservative
comparison based on Clarkina alone indicates that the decrease to
19.4‰ occurred in Bed 27-1, thus the rapid drop in δ18Oapatite postdated



Fig. 5. δ18Oapatite (including new in situ SIMS data in this study, and published IRMS data from Joachimski et al., 2012) and δ13Ccarbon records from the Shangsi section, all scaled to the
thickness of strata. Lithology, conodont zones (see details in Supplementary Tables S2), and insert of high-resolution in situ δ18Oapatite data across the EPME are provided.
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the onset of the EPME. (3) Although the magnitude of significant de-
crease above the EPME horizon is generally consistent among four sec-
tions (2.5–3.0‰), the distinct difference lieswith the absolute δ18Oapatite

values. For instance, δ18Oapatite values at themass extinction horizon are
ca. 21.0‰ in Meishan and Shangsi, which is about 1.0–1.5‰ higher than
those in Daijiagou and Liangfengya. Whether such offsets are related to
the differences in environmental setting or CAI value of conodont
elements (see Supplementary material for details) is unclear, and re-
quires further study based on more systematic datasets. Nonetheless,
our conclusions are not affected by such offsets, since the primary
concern is about the temporal relationship between the sudden
decrease in δ18Oapatite and the onset of the EPME, and also whether
such pattern can be confirmed across studied sections.

High-precision temporal framework enabled us to assess the timing
and rate of δ18Oapatite changes during the Late Permian–earliest Triassic,
especially around the EMPE interval (Fig. 8) when the timeline of the
well constrained end-Permian carbon isotope excursion (CIE) and
mass extinction can be associated. If one accepts that the main phase
of positive shift of δ18Oapatite around the WCB is only confined to the
lower part of the C. wangi zone (Fig. 3), calculation based on our age es-
timates suggests a prominent rise of ~2‰ occurred in about 0.2 Ma
(Fig. 8A). After this rapid increase around theWCB and prior to the dra-
matic decrease that postdated the onset of the EPME, the long-term
fluctuations during most of the Changhsingian are around a baseline
of ~21‰. About 0.1 Ma before the onset of the EPME, comparable data
indicate no substantial shifts in δ18Oapatite (Fig. 8B). Timing of the tran-
sient change (mild decrease followed by a return) prior to the onset of
the EPME is inconsistent among studied sections, which appeared
slightly earlier in Meishan and Shangsi but more close to the onset of
the EPME in Daijiagou and Liangfengya, thus indicating local controls



Fig. 6. δ18Oapatite and δ13Ccarbon records from the Daijiagou section, all scaled to the thickness of strata. Insert showing the close-up of the δ18Oapatite data from the EPME interval; ranges of
conodont species, δ13Ccarbon and its correlation with other PTB sections can be found in Yuan et al., 2015.
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rather than global climatic events. Latest geochronological dates from
Meishan (Burgess et al., 2014) constrained the onset of the CIE, the
abrupt decline in δ13Ccarb, the onset of the EMPE, the PTB, and the cessa-
tion of the EPME at 251.999 Ma, 251.950 Ma, 251.941 Ma, 251.902 Ma,
and 251.880 Ma, respectively. If one accepts the substantial decrease of
δ18Oapatite at 251.918 Ma (corresponding to the base of Bed 27-1 in
Meishan; Figs. 4, 8B), a straightforward calculation suggests that the sig-
nificant warming occurred ~81 kyr after the onset of the CIE, ~32 kyr
after the abrupt decline in δ13Ccarb, and ~23 kyr after the onset of the
EPME.

6. Discussions

6.1. SIMS and IRMS comparison

The techniques for analyzing oxygen isotope compositions of
biogenic phosphates as paleoenvironmental proxies have been well
developed (Kolodny et al., 1983; Shemesh et al., 1983; Luz et al., 1984;
Luz and Kolodny, 1985). As biogenic apatite, conodonts can be de-
scribed by the general formula Ca5Na0.14(PO4)3.01(CO3)0.16F0.73(H2O)0.85
(Pietzner et al., 1968), with oxygen presented in three different sites of
the mineral. The conventional IRMSmethod isolates the PO4
3− group as

Ag3PO4, which is then converted to CO as the analyte gas for oxygen iso-
tope measurements (O'Neil et al., 1994; Joachimski et al., 2009). By
comparison, the in situ SIMS technique utilizes Cs+ primary ion beam
to bombard the exposed smooth surfaces of untreated biogenic phos-
phates and releases oxygen from all O-bearing compounds (PO4

3−,
CO3

2−, and OH−). Given the difference in analytical principles, offsets
between paired δ18Oapatite values derived from IRMS and SIMSmethods
are expected. Calculations by Wheeley et al. (2012) suggested that the
shift in values from a purely PO4

3− signal is likely to be of the order of
+0.02–0.7‰ and was supported by paired data from two Silurian
conodont samples measured by both SIMS and IRMS techniques,
which showoffsets of ca. 0.5‰ and 1.0‰ forOzarkodina and Panderodus,
respectively. Measurements on modern shark teeth enameloid
suggested that the SHRIMP δ18Oapatite values are systematically higher
than IRMS values, such as 0.7‰ (Trotter et al., 2008) or typically by
~0.6–1.3‰ (Trotter et al., 2015).

Among the 128 samples from Meishan measured with the in situ
SIMS technique, 63 have been analyzed with the conventional IRMS
method (Joachimski et al., 2012; Chen et al., 2013), which provides us
an opportunity to constrain the offset with larger datasets. The



Fig. 7. δ18Oapatite record from the Liangfengya section, scaled to the thickness of strata. Bed
numbers and lithology from Shen and He (1991), but see a more recent description in
Yuan and Shen (2011) where conodont biostratigraphy was also presented.
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phosphorite standardNBS 120c iswidely used in the IRMS analyses, and
both 21.7‰ and 22.6‰ have been reported (Joachimski et al., 2012; Sun
et al., 2012; Chen et al., 2013; Schobben et al., 2014). Although the NBS
120c standard is distributed in the form of calcium phosphate powder
that cannot be directly measured with the in situ SIMS method, it was
used in the IRMS analyses to determine the δ18Oapatite values of our Du-
rango standard (Supplementary Table S6). To compare the IRMS and
SIMS data from Meishan, the earlier published IRMS δ18Oapatite values
(Joachimski et al., 2012; Chen et al., 2013) were adjusted by subtracting
0.9‰ (Supplementary Database S2, Table S7) based on the now accept-
ed value of NBS 120c of 21.7‰ (Lécuyer et al., 2013). After adjustment, a
comparison between the corrected IRMS values and our in situ SIMS
data (Fig. 9A) shows that the two datasets are linearly correlated and
can be expressed by the following regression:

δ18OSIMS ¼ 0:96 � 0:08ð Þδ18OIRMS þ 1:31 � 1:70ð Þ; R2 ¼ 0:68:

Pearson correlation coefficient also suggests a positive relationship
(Pearson's r = 0.82, p = 0.00, n = 63). The SIMS values are generally
higher than the IRMS ones, with an average offset of +0.5‰ (Δ =
δ18OSIMS − δ18OIRMS, Max. = +2.2, Min. = −0.9); if excluding the
rare abnormal data, the offset is typically ~0.0–1.0‰ (average of
+0.5‰; Fig. 9B), which is consistent with the reported biases (Trotter
et al., 2008, 2015;Wheeley et al., 2012). There is no correlation between
the offsets and the stratigraphic depths, thus indicating the offsets
are consistently within a specific range (0 to 1‰) that is not time
dependent.

6.2. Paleotemperature calculations

Since the establishment of the phosphate δ18O thermometer
(Kolodny et al., 1983), several revisions of the phosphate–water
fractionation and temperature calibration have been published and no
consensus has been reached (Pucéat et al., 2010; Lécuyer et al., 2013;
Chang and Blake, 2015). Calculation of seawater temperatures in deep
time is subject to some uncertainties. On the premise that δ18O values
measured on conodont apatite are precise and accurate, oxygen isotope
composition of seawater fromwhich they precipitate is another variable
that determining the calculated temperatures. Although we cannot
directly measure δ18Oseawater, it has been suggested that the secular
variations in global mean δ18Oseawater are generally around 0 ± 1‰
(VSMOW) (Jaffrés et al., 2007), following the glacial–interglacial cycles
due to the significant effect from 18O depleted glacial meltwater
(Lhomme et al., 2005). For the “ice-free” Late Permian–Early Triassic
world (Chumakov and Zharkov, 2003), δ18Oseawater of −1‰ (VSMOW)
is commonly adopted in paleotemperature calculations (Joachimski
et al., 2012; Rigo et al., 2012; Sun et al., 2012; Romano et al., 2013;
Trotter et al., 2015).

Salinity and ice volume are the two main unknowns affecting
δ18Oseawater, the first of which is dependent on the balance between
evaporation and precipitation, and the second is determined by the
formation and melting of glacial ice sheets. According to the recently
published data from the tropical Pacific Ocean (Conroy et al., 2014),
the slope of the regression between δ18Oseawater and salinity is
about 0.31‰ psu− in the mixed layer (0–75 m) and 0.42‰ psu− in
the subsurface (80–500 m); the salinity–depth relationship suggests
that local salinity is generally stable in the mixed layer and subsurface.
By this standard, a substantial decrease of 0.5‰ in salinity reflects a de-
crease of only 0.15‰ in δ18Oseawater for the tropical surface oceans,
which is small compared with the uncertainties of δ18Oapatite analyses
using IRMS or SIMS. Based on this salinity–depth relationship, in a
paleoenvironment such as the Yangtze carbonate platform and its
northern marginal basin (Yin et al., 2014), dramatic sea-level changes
that would have caused major shift in salinity (Adkins et al., 2002)
sufficient to alter the local δ18Oseawater seem unlikely. Consequently,
we presume that the influence of salinity on δ18Oseawater was proba-
bly minimal. Sedimentological data from eastern Australia (Fielding
et al., 2008) indicated eight discrete glacial intervals (C1–C4, and
P1–P4) for the Late Paleozoic Ice Age. The timing and duration of
the youngest P4 glacial was initially interpreted as 267–260 Ma
(Fielding et al., 2008), but recently revised to 260–254.5 Ma based
on high-precision dating of tuffs from the Sydney and Bowen basins
(Metcalfe et al., 2015). Since our investigated time interval postdates
the P4 glacial (Fig. 8A), the potential influence of ice volume can also
be disregarded.

By assuming δ18Oseawater is constant at−1‰ (VSMOW), comparisons
between calculated temperatures using three different equations
(Kolodny et al., 1983; Pucéat et al., 2010; Lécuyer et al., 2013) suggest off-
sets up to 4 °C (Supplementary Database S2). But since the δ18Oseawater

value and the equation used for calculation do not affect the relative
changes in temperature, we emphasize the trend and magnitude
(Figs. 3–7) rather than the absolute temperatures. Using the recent
equation from Lécuyer et al. (2013), a 1‰ shift in δ18Oapatite would
correspond to a temperature change of ~4.5 °C, which is the general
scale applied to our assessments regarding themagnitude of temper-
ature change.

We also note that the available phosphate δ18O thermometers
(Kolodny et al., 1983; Pucéat et al., 2010; Lécuyer et al., 2013) are only
applicable to the IRMS method. If the bias of +0.5‰ between the
SIMS and IRMS values is considered valid, in situ δ18Oapatite values



Fig. 8. (A) In situ δ18Oapatite records from Meishan, Shangsi, Daijiagou, and Liangfengya, constrained by a uniform temporal framework to demonstrate the timing and magnitude of
changes. Paleotemperature scales are based on the IRMS-based equation from Lécuyer et al. (2013), without considering the average offset of +0.5‰ (this study) between the SIMS
and IRMS values. Cyan and light yellow bands represent the prominent “WCB cooling” and “PTB warming” events, respectively. (B) Comparative in situ δ18Oapatite records from the
upper slope (Meishan), lower slope (Shangsi), and carbonate platform (Daijiagou and Liangfengya) prior to, during, and after the EPME suggesting a concurrent increase of seawater
temperatures (~10 °C) postdates both the abrupt decline in δ13Ccarb and the onset of mass extinction, thus indicating climate warming was not a direct cause for the main pulse
of the EPME (corresponding to Bed 25 at Meishan). Distinctions for “cool”, “warm”, and “hot” conditions are relative, not definitive. Paleotemperature scales are also based on the
IRMS-based equation from Lécuyer et al. (2013).
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need to be systematically reduced by 0.5‰ prior to the temperature
calculations using the IRMS-based δ18O thermometers, and the temper-
ature scales presented in Fig. 8 would shift upwards by ~2.3 °C.

6.3. Climate cooling around the WCB

Our in situ SIMS records fromMeishan and Shangsi indicate a prom-
inent cooling around the WCB. Based on current δ18Oapatite datasets
(Figs. 3, 5) and paleotemperature calculations, we tentatively suggest
that this cooling occurred immediately above the WCB, with the main
phase (a drop of ~8 °C in ~0.2 Ma) confined to the lower part of the
C. wangi zone.

Indications of aWuchiapingianwarming followed by a Changhsingian
cooling have been inferred from the fossil evidence in the peri-
Gondwanan region (southern Tibet, Salt Range in Pakistan, and
Kashmir) (Mei and Henderson, 2001; Shen et al., 2006), whichwere lo-
cated in amesothermal paleolatitude zone and thereforemore sensitive
to climate change. For instance, the lower part of the Lopingian
sequence (upper part of the Wargal Formation and lower part of the
Chhidru Formation) in the Salt Range, Pakistan contains numerous
compound rugose corals, warm-water brachiopods and conodonts
(e.g., C. longicuspidata, C. guangyuanensis) that are very common in
South China, and indicates a warm climate during the Wuchiapingian
(Kummel and Teichert, 1970; Shen et al., 2006; Chen et al., 2011,
2013). By contrast, the middle and upper parts of the Chhidru Forma-
tion is characterized by typical cold-water brachiopods and conodonts
such as Vjalovognathus and Merrillina (Wardlaw and Mei, 1999; Mei
and Henderson, 2001). Along the northwestern margin of Pangaea,
the biogenic chert succession in the Sverdrup Basin recorded a signifi-
cant cooling, which is indicated by siliceous sponge-dominated biota
in shallow-water chert (Beauchamp and Baud, 2002). In the southern
hemisphere, distal glaciomarine facies of the Wuchiapingian were
widely deposited in the Sydney, Bowen, and Tasmania basins (Frank
et al., 2015). A similar cooling event around the WCB was also recently
reported from the continental Karoo Basin, South Africa (Rey et al., in
press). These reports suggest cooler condition in the high-latitude,
peri-Gondwanan region during the Wuchiapingian–Changhsingian
transition, which is in accord with our seawater temperature records
from low-latitude South China.

Previous investigations of the Late Permian–Early Triassic interval
havemainly concentrated on the PTB and GLB (Guadalupian–Lopingian
boundary) events, thus little was known about climate change in
association with perturbations of carbon cycle and biodiversity across
the WCB. Our records (Figs. 3, 5) provide temporal constraints on the



Fig. 9. (A) Comparison between the SIMS and IRMS data based on a suite of 63 samples fromMeishan that have been measured by both methods (Supplementary Tables S7), indicating
a positive correlation. (B) The differences between paired SIMS and IRMS δ18Oapatite values (Δ = δ18OSIMS − δ18OIRMS, Mean = +0.5‰, Max. = +2.2‰, Min. = −0.9‰) against the
stratigraphic depth, suggesting the offsets are consistently within a specific range (0 to 1‰) that is not time dependent.
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carbon cycle variation, seawater temperature change, and biodiversity
pattern during the late Wuchiapingian–early Changhsingian, although
the underlying dynamics connecting these changes remain unresolved.
Unlike the globally recognized end-Permian CIE, δ13Ccarb records around
the late Wuchiapingian–early Changhsingian suggested spatial and
temporal heterogeneity (Shen et al., 2013). Studied sections in South
China demonstrated a broad negative excursion with different magni-
tudes, such as 6.3‰ in Shangsi, 5.3‰ in Matan, and 2.8‰ in Dukou
(Shen et al., 2013). This excursion is truncated in the basal part of the
Meishan section (Fig. 3) due to a major regression (Wang et al., 2006),
but more completely expressed in the long-ranging Shangsi section
(Fig. 5). The quantitative marine biodiversity pattern indicated
that no significant change in taxon richness across the WCB (Wang
et al., 2014): the taxon turnover and diversification rates remained
relatively stable during the Wuchiapingian but increased in the early
Changhsingian, and themean longevity of extant taxa rapidly decreased
across theWCB (Fig. 4 inWang et al., 2014). Using the temporal frame-
work we established, onset of the prominent cooling in Meishan
lags the first and second minima of δ13Ccarb by 0.73 Ma and 0.08 Ma,
respectively (Fig. 3; calculation based on the accumulation rate in
Supplementary Table S1). At the Shangsi section, we can only infer
that the cooling phase in the C. wangi zone is nearly synchronous with
the positive return after the broad negative shift of 6.3‰ and smaller
negative shift of 3.0‰ (Fig. 5; Shen et al., 2013) due to absence of
long-term δ18Oapatite records below the WCB.

Schobben et al. (2014) reported coupled δ13Ccarb and δ18Oapatite

(IRMS) data from the Kuh-e-Ali Bashi and Zal sections in northwest-
ern Iran, but indicated no distinct changes in both proxies from the
upper Julfa Beds and lower Ali Bashi Formation, whichmay reflect in-
sufficient sampling within this interval, imprecise correlation of the
WCB, or another possibility that the prominent shifts in δ13Ccarb

and δ18Oapatite recorded around the WCB in Meishan and Shangsi is
likely regional rather than global signals. Further long-term and
high-resolution studies around the WCB in Iran, as well as other sec-
tions in South China, will be necessary to clarify whether there were
any significant events occurred during the late Wuchiapingian–early
Changhsingian.
6.4. Carbon cycle disruption, rapid warming, and the end-Permian mass
extinction

The end-Permian CIE is widely recognized in marine and non-
marine sections (Korte and Kozur, 2010; Shen et al., 2011, 2013;
Payne and Clapham, 2012). Evidence from the well-constrained
Meishan section indicates that the CIE started at 251.999 ± 0.039 Ma
and ended at 251.572 ± 0.069 Ma, with a total duration of 427 ±
79 kyr (Burgess et al., 2014). δ13Ccarb values exhibit a gradual decrease
from +3.9‰ at the beginning, followed by an abrupt decline to a
minimum of −3.3‰ immediately below the mass extinction horizon
before returning to +1.5‰, and subsequently end with a slight
decrease to−1.7‰ (Figs. 3, 4). This pattern has been related to addition
of a large amount of 13C-depleted carbon into the ocean/atmosphere
system, although the source remains the subject of controversy
(Berner, 2002; Payne and Clapham, 2012).

The in situ SIMS technique employed on contemporaneous cono-
dont samples across the EMPE interval from different environmental
settings combined with the high-precision temporal framework,
increases our understanding of the temporal and spatial pattern of sea-
water temperature changes prior to, during, and after the EPME (Fig. 8).
The systematic offsets in δ18Oapatite values (~1.0–1.5‰) between the
carbonate platform (Daijiagou and Liangfengya) and slope (Meishan
and Shangsi) correspond to the difference in CAI values (~0.5–1.0) of
analyzed conodont apatite, thus indicating thermal alteration may
have impacts on δ18Oapatite values. This supports the conclusion of
Wheeley et al. (2012), although an extended quantitative relationship
is yet to be established. Besides this offset, data around the Permian–
Triassic transition are highly comparable among studied sections.
About 1.5 Ma before the onset of the end-Permian CIE (Fig. 8A), seawa-
ter temperatures fluctuate around ~18 °C. Between the onset of the CIE
and the onset of the EPME (Fig. 8B), transient warming and subsequent
cooling is evident among studied sections, although the timing and
magnitude differ and likely suggest local controls rather than global cli-
matic signals. Above the EPME horizon, a rapid warming is consistent in
timing and magnitude (~10 °C in b 20 kyr) across shallow carbonate
platform (Daijiagou and Liangfengya), upper slope (Meishan), and
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lower slope (Shangsi), thus suggesting a catastrophic climatic event.
Seawater temperatures remained high (N30 °C) above the PTB and
continued to rise until the late Griesbachian (Sun et al., 2012; Romano
et al., 2013).

Our results suggest a lag of ~25 kyr (Fig. 8B) between the rapid decline
in δ13Ccarb and the rapid increase in seawater temperatures. However, the
“boundary clay” at Meishan (Beds 25 and 26) was likely deposited more
rapidly than the micritic limestone of Bed 27, suggesting that the lag
could have been much less than 25 kyr. Global sea surface temperature
does not respond quickly to climate forcing due to the thermal inertia of
the oceanmixed layer and the exchange between the surface and deeper
ocean (Hansen et al., 2011; Hansen and Sato, 2012). The lag of the climate
response can be characterized by a climate response function, with a full
response requiring at least a millennium (Hansen et al., 2011). Massive
greenhouse gases released from the Siberian Traps volcanism (Svensen
et al., 2009) and/or other contemporaneous volcanism (Yin et al., 1992)
is likely the principal forcing that governed climate trends during the lat-
est Permian–earliest Triassic. Onmillenniumor longer time scales, the en-
hanced energy resulted fromvolcanic eruptions ismainly absorbed by the
ocean through intake in the mixed layer and heat exchange between the
surface and deeper ocean. Given a world with high continent and deep
ocean during the Permian–Triassic transition (Yin and Song, 2013), full
mixing in the vast Panthalassa and Tethys Oceans would take longer
than usual, hence the extended delay of climate response, which makes
the lag we observed plausible.

Whether rapid warming caused the catastrophic EPME depends on
the pattern of mass extinction (e.g., onset, acme, and cessation). Using
a confidence interval approach, the pattern of marine mass extinction
was first established at the Meishan section, which revealed a single
catastrophic event between Beds 25 and 28 (Jin et al., 2000). Later quan-
titative biostratigraphic studies using the constrained optimization ap-
proach (Shen et al., 2011; Wang et al., 2014) based a dataset of 1450
species from 18 sections across South China and the peri-Gondwanan
region confirmed the conclusion that the onset and cessation of mass
extinction occurred at Bed 25 and 28, respectively. Despite different
views on the extinction pattern (see discussions in Wang et al., 2014),
a common ground is accepted that the onset of the EPME occurred at
the base of Bed 25 in Meishan. Our calculated seawater temperatures
from Meishan (Figs. 4, 8B) are ~18.3 °C throughout Beds 24e and 25
(Clarkina), increase to 22.5 °C in Bed 26 (Clarkina) and then jump to
27.2 °C in Bed 27-1 (average of Clarkina andHindeodus) before reaching
a maximum of 32.4 °C in Bed 28 (Hindeodus). Therefore, significant
warming clearly postdated the onset of the EPME, and the temperature
rise cannot be considered a direct cause for themain pulse of the EPME.
Nonetheless, the high rate of temperature rise (~10 °C in b 20 kyr) prob-
ably increased the pace of mass extinction, which is now constrained to
have lasted for only 61 ± 48 kyr (Burgess et al., 2014).

Although our data suggests that climate warming clearly postdated
the main pulse of the EPME (corresponding to Bed 25 at Meishan), we
are not arguing against the involvement of the Siberian Traps volcanism
in the environmental deterioration and biodiversity decline around the
mass extinction horizon, since the carbon cycle disruption (Rothman
et al., 2014), changes in pH (Payne et al., 2010; Hinojosa et al., 2012;
Clarkson et al., 2015) and redox conditions (Cao et al., 2009) of the
ocean temporally overlapped with the Siberian Traps volcanism
(Burgess and Bowring, 2015). Pyroclastic and lava eruptions of the
Siberian Traps began long (N200 kyr) before the initial negative shift
of δ13Ccarb (Fig. 4 in Burgess and Bowring, 2015), suggesting that early
explosive magmatism did not initiate dramatic feedback in the global
carbon cycle. It was probably until around 251.999 ± 0.039 Ma when
a tipping point was reached after sustained input and accumulation of
greenhouse gases, the disruption of the carbon cycle started, followed
by the abrupt negative shift of δ13Ccarb at 251.950 ± 0.042 Ma and the
onset of mass extinction at 251.941 ± 0.037 Ma. Protracted degassing
of CO2 from recycled crust in the mantle plume head (Sobolev et al.,
2011) provides a plausible explanation for the initial non-response
and subsequent progressive decrease in δ13Ccarb. By their estimation,
the magnitude of the CIE would be 4.9‰ if all plume-related CO2

migrated to the surface, and 3.5‰ with the migration of only half of
the volume (Sobolev et al., 2011). Judging from the overall trend and
magnitude of the CIE (Korte and Kozur, 2010; Shen et al., 2013), it is
likely only around half of the plume-related CO2 was released prior to
the onset of the EPME. The rapid decline of δ13Ccarb across the mass
extinction horizon and continuing negative shift in the earliest Triassic
are probably the consequences of subsequent massive release through
contact metamorphism of carbon-rich and sulfur-rich sediments
(Erwin, 2006; Svensen et al., 2009), superimposed on the remnant
plume-related degassing.

In the absence of robust evidence to identify main pulse(s) of the Si-
berian Traps volcanism, our seawater temperature record may be
interpreted as an indirect monitor for the volcanic processes. A new
age model for the extrusive and intrusive magmatism of the Siberian
Traps (Burgess and Bowring, 2015) suggested that the majority of
extrusive magmatism occurred between 252.20 ± 0.12 Ma and
251.901 ± 0.061 Ma, and the intrusive magmatism started at
251.907 ± 0.067 Ma and continued for at least 500 kyr after the cessa-
tion of mass extinction. If we accept that the substantial temperature
rise occurred in Beds 27–28 at Meishan (Fig. 8B) and consider the
potentially biased sample coverage for the older sills (Burgess and
Bowring, 2015), a restricted interval of the overlap (~251.918–
251.880 Ma) between the lave eruption and intrusive magmatism is
likely responsible for the rapid climate warming.

7. Conclusions

In situ oxygen isotope analyses on conodont apatite from four sec-
tions in South China (Meishan, Shangsi, Daijiagou, and Liangfengya)
provides a high-resolution relative seawater temperature record of the
Late Permian–Early Triassic. Constrained by the latest high-precision
geochronology and high-resolution conodont biostratigraphy, we can
place the temperatures in both temporal and spatial perspectives.
Coupled with δ13Ccarb data and biodiversity pattern, our results shed
light on the causal links between the environmental changes and
biological crisis, especially across the catastrophic EPME interval. Key
findings in this study are:

(1) A prominent cooling occurred in the earliest Changhsingian,with
themain phase (a drop of ~8 °C in ~0.2Ma) confined to the lower
part of the C. wangi zone and synchronous with the positive limb
of the CIE around theWCB at Meishan and Shangsi. Full contexts
and underlying dynamics of the “WCB events” await further
confirmation from other sections.

(2) After the cooling event, seawater temperatures fluctuated during
most the Changhsingian. Transient warming and subsequent
cooling is recorded between the onset of negative shift in
δ13Ccarb and the onset of the EMPE, which probably represents
the last pulse of the long-termfluctuations rather than any signif-
icant climatic events. Evidence such as gradual decline in δ13Ccarb
and the absence of substantial changes in the temperature record
suggests that the Siberian Traps magmatism and/or other
contemporaneous volcanism had not reached their full potential
at the onset of mass extinction.

(3) Above the extinction horizon, a dramatic warming (~10 °C
in b 20 kyr) is consistent in timing and magnitude across the
upper slope (Meishan), lower slope (Shangsi), and carbonate
platform (Daijiagou and Liangfengya), companied with ocean
acidification and continued decrease in δ13Ccarb, thus indicating
a catastrophic event that is likely related to massive degassing
during a restricted interval (~251.918–251.880 Ma) of the Sibe-
rian Traps volcanism.

(4) The lags between the abrupt decline in δ13Ccarb, the onset of the
EMPE, and the rapid temperature increase suggest that climate
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warming wasmost likely not a direct cause for the main pulse of
the EPME (corresponding to Bed 25 at Meishan), but rather a
later participant or a catalyst that increased the pace of the biodi-
versity decline.

(5) Comparison based on a suite of 63 conodont samples from
the Meishan section that have been measured by both SIMS
and IRMS methods suggests that the SIMS δ18Oapatite values are
generally higher that the IRMS ones, with an average offset of
+0.5‰.
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